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Marinephosphorus and atmospheric oxygen
were coupled during the Great
Oxidation Event

Matthew S. Dodd 1,2,3,4,13 , Chao Li 2,3,4,13 , Haodong Gu4, Zihu Zhang2,3,
Mingcai Hou2, Aleksey Sadekov1,5, Carlos Alberto Rosière6, Franco Pirajno7,
Lewis Alcott 8, Frantz Ossa Ossa 8,9,10, Benjamin J. W. Mills 11 &
Andrey Bekker9,12

The Great Oxidation Event (GOE) represents a major increase in atmospheric
O2 concentration between ca. 2430 and 2060million years ago, culminating in
the permanent shift to an oxygenated atmosphere. It’s causes remain debated.
Here we use the carbonate-associated phosphate (CAP) proxy to reconstruct
oceanic phosphorus concentrations during the GOE from globally distributed
sedimentary rocks. We find that the CAP and the inorganic carbon isotope
composition of marine sediments co-varied during the GOE, suggesting syn-
chronous fluctuations in marine phosphorus, biological productivity, and
atmospheric O₂. Biogeochemicalmodelling shows that transient increases in P
bioavailability can raise oxygenic primary production and organic carbon
burial, yielding isotopically heavy seawater inorganic carbon and reproducing
the observed patterns. Consequently, geochemical and modelling data toge-
ther suggest that P availability was a likely contributor to the rapid oxygena-
tion of Earth during the GOE.

The Great Oxidation Event (GOE) encapsulates the initial permanent
rise of atmospheric O2

1. Accordingly, this was a major event in the
evolution of Earth’s habitability, which paved the way to Earth’s oxy-
genated atmosphere, the emergence of eukaryotic life and geochem-
ical transformations of Earth’s surface and interior2. While multiple
lines of evidence exist for the GOE1,3, its beginning has often been
defined by the disappearance of mass-independent fractionation of
sulphur isotopes (MIF-S) in sedimentary sulphides and sulphates,
which represents the transition to O2 concentrations above 10−6 of the

present atmospheric level (PAL)4. By this definition, the GOE started at
ca. 2430million years ago (Myr)5, however, atmospheric O2 is thought
to have continued to rise evenmore rapidly after this initial transition,
overshooting to between 1 and 40% of the PAL6, until an inferred
collapse in atmospheric O2 concentrations before 2060 Myr
(Fig. 1a-b)1,3,7–9. Consequently, the GOE is currently viewed as a pro-
tracted event during which O2 level may have fluctuated on a large
scale1,5,10, with potential superimposed shorter and low-level fluctua-
tions, allowing for the possible oscillatory loss and return of MIF-S
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during the early half of the GOE5. These shorter-term fluctuations were
likely coupled to the occurrence of global glaciations and changes in
seawater sulphate levels between ca. 2430 and 2220 Myr (Fig. 1)1,7,8,11.
Henceforth in this study, the term ‘GOE’ refers to the protracted geo-
logical interval between ca. 2430 and 2060 Myr.

A unique feature of the later stage of the GOE is the largest and
longest-lived positive excursion of sedimentary carbonate-C isotopic
composition (δ13Ccarb) in Earth history, with an averageδ13Ccarb value of
+8‰, but highest values reaching up to +28‰12. This δ13Ccarb excursion
is commonly referred to as the Lomagundi Excursion or Lomagundi
Event (LE), which is globally recorded in carbonate sediments depos-
ited between ca. 2220 and 2060 Myr ago (Fig. 1)13. The canonical
interpretation for the LE is enhanced organic relative to inorganic

carbon burial, and consequently oxygenation of the surface environ-
ment. This may have been driven by increased availability of the bio-
limiting nutrient, phosphorus (P)10,13–16. This interpretation of the LE
might be supported by the permanent disappearance of MIF-S at the
onset of, or during the LE, which potentially implicates the LE as the
ultimate driver to permanent oxygenation of the atmosphere5. While it
is uncertain whether a net gain in atmospheric O2 during the LE was
responsible for the ultimate disappearance of MIF-S, several lines of
evidence suggest that atmospheric O2 concentrations peaked during
the LE and did not reach such levels again until some 1–1.5 billion years
later1,3,17. Other interpretations for the LE have suggested that increases
in primary productivity and organic matter burial were less extreme
than inferred by the canonicalmodel, or the δ13Ccarb excursion was not
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Fig. 1 | Overview of geochemical changes during the GOE. a Hypothetical
atmospheric oxygen level from this study, fossil images denote approximate first
appearance of possible eukaryote andmulti-cellular fossils. b Box plots (2nd to 3rd
quartiles and median line of carbonate-bound iodate values, which is a proxy for
dissolved oxygen in seawater from ref. 19. c Seawater sulphur isotope composition
(yellow boxes from CAS, brown boxes from evaporite) modified after refs. 10, 34.
d Box plots (2nd to 3rd quartiles and median line) of CAP data from this study,
widths depict age uncertainties and tie points between two boxes reflect CAP from
a singlegeological sectionwithhigh (>3‰; darker shadebox) and low (< 3‰; lighter
shadebox)δ13C values. CwCarawine,WiWittenoom,GdGandarela, Tr TureeCreek,

Es Espanola, Du Duitschland, Sa Saunders, Ff Fecho do Funil, Si Silverton, Mc
Mcheka, Lk Lucknow, Ju Juderina (note Si, Mc and Ju have been grouped into one
box plot with one median line (emboldened) for each formation), Fc Francevillian
FC formation, La Lower Albanel, Ac Aquas Clara, Nf Nash Fork Formation, Wo
WoolyDolomite Formation, Al AluminiumRiver, BaBalserGroup.Arrownext toCw
box plot signifies age = ca. 2.6 billion years ago. e Idealised seawater inorganic
carbon isotope profile and overview of redox proxies (green = reducing and red =
oxidising conditions) after ref. 15. Vertical blue bars represent possible glacial
intervals.
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related at all to changes in productivity and organic matter burial, and
in turn to P availability (see ref. 18 for a detailed review). Given the
number of competing models, whether changes in seawater P avail-
ability and associated organic carbon burial are responsible for the rise
and fall of atmospheric O2 level during the later part of the GOE
remains uncertain. In this study, we use the Carbonate-Associated
Phosphate (CAP)19, a new proxy19, to reconstruct variability in seawater
P levels across the GOE, allowing for the examination of whether
changing marine P availability drove the Earth’s permanent oxygena-
tion 2 billion years ago.

Carbonate minerals incorporate elements into their crystal
structure proportionally to the elemental concentrations in the
seawater20. Based on this premise, it is possible to estimate ancient
marine P concentrations using the concentration of phosphate in
carbonate minerals19,21, when factoring in ambient seawater chemistry
(e.g. pH, alkalinity and temperature) andmineralogy, which also play a
role in the uptake of elements by carbonate minerals19,21–23. In marine
sediments, P is predominantly found in phosphate minerals, with
additional amounts bound to iron, sorbed to mineral surfaces, or
contained within organic matter or carbonate minerals24. These P
pools, with the exception of carbonates generally, are largely con-
trolled by redox conditions and biological activity25, and not directly
attributable to dissolved seawater P concentration24. In contrast,
phosphate bound in carbonate minerals (i.e. CAP) can be attributed to
seawater dissolved P concentration. In order to extract and measure
CAP, a leaching protocol that has been previously developed and
validated was used in this study (see ‘Methods’)19,22. This leaching
protocol was applied to sediments deposited during the GOE in order
to reconstruct relative marine P variations across the GOE. The
extracted P was then normalised to Ca and Mg in the leachate to give
CAP as mmol of P per mol of Ca and Mg.

We analysed fourteen carbonate formations from four continents
(see Table 1 and Supplementary Information 1) to capture whether
global seawater phosphate availability changed during the GOE. These
carbonate formations capture the LE as well as other shorter-duration
positive δ13Ccarb excursions during the GOE26–28. This provides an
opportunity to study coupled changes in δ13Ccarb and CAP and,
therefore, determine whether P-driven productivity could have trig-
gered the significant rises and falls in atmospheric O2 during the GOE.
All of the studied formations were deposited in shallow-water (sabkha

and peritidal, platform) environments, with the exception of the Sil-
verton Formation and the lower and upper Duitschland and Nash Fork
formations, respectively, which were deposited in upper-slope and
deep-basin settings. From prior work, it was found that dolomite
generally hosts larger concentrations of CAP compared to calcite22,
which can bias CAP records via changes in the dominant style of car-
bonate mineral preserved. However, carbonate mineralogy is almost
exclusively dolomite in our sample set, with the exception of calcite in
the lower part of the Espanola Formation (see Supplementary Infor-
mation 1), which limits the degree towhichmineralogy affects our CAP
trends. The degree ofmetamorphism is generally uniform across each
individual formation,with the exceptionof theDuitschlandFormation,
which has experienced local, thermal contact metamorphism in its
lower part. Given metamorphism varies amongst formations, we have
grouped formations into three metamorphic categories (Table 1), to
avoid potential issues regarding CAP preservation at different degrees
of metamorphism29.

Results
Among all themeasured formations, CAP values are on average higher
in carbonates with higher δ13Ccarb values, when comparing formations
from a singular basin, except for the Saunders Formation of the Cho-
colay Group (ca. 2.3 Ga) and the Espanola Formation (ca. 2.4 Ga) of the
Huronian Supergroup on the Superior Craton (Fig. 1c; Table 1 and
Supplementary Information Table 1). To fairly compareCAP values, we
evaluate studied formations based on theirmetamorphic grade, which
yields a statistically significant (p <0.01) positive Pearson correlation
between CAP and δ13Ccarb, for every metamorphic grade (Fig. 2). This
correlation is also supportedby continuous chemostratigraphic trends
for the FC (ca. 2.1 Ga) and Nash Fork formations (ca. 2.1 Ga) andWooly
Dolomite (ca. 2.0 Ga), which show positive trends in δ13Ccarb and CAP
for carbonates deposited during the LE and Wooly Dolomite excur-
sion, respectively (Fig. 3). The carbonates from the LE carry the highest
CAP values in the dataset reaching values of 0.408mmol/mol for the
Juderina Formation (ca. 2.1 Ga) compared to carbonate depositedprior
to the LE with values as low as 0.005mmol/mol for the Carawine
dolomite (ca. 2.6 Ga). On average, CAP is 4, 3.1, 9.2, 2 and 1.6 times
higher in carbonates deposited during the LE relative to those that
bracket it in South Africa, Brazil, West Australia, Gabon andWyoming,
respectively (Fig. 1c, d). Similarly, carbonates deposited during the

Table 1 | Geochemical statistics for elemental and isotope proxies

Metamorphic grade Formation name and (location) Statistical
measure

δ13Ccarb

vs. CAP
δ18Ocarb

vs. CAP
Fe
vs.
CAP

La
vs.
CAP

Mn/ Sr
vs. CAP

Mn
vs.
CAP

Sr
vs.
CAP

U
vs.
CAP

Y/Ho
vs.
CAP

Unmetamorphosed FC (Gab), Juderina (Aus) R 0.40 0.44 −0.28 −0.30 −0.38 −0.40 −0.10 0.30 −0.02

R2 0.76 0.15 0.31 0.30 0.58 0.60 0.15 0.00 0.00

t 2.72 3.03 1.77 1.90 2.51 2.71 0.61 1.93 0.14

p <0.01 <0.01 >0.01 >0.01 >0.01 >0.01 >0.01 >0.01 >0.01

Prehnite-pumpellyite Wooly Dolomite (Aus), Carawine
Dolomite (Aus)

R 0.50 0.39 0.08 0.36 0.29 −0.35 −0.27 0.15 −0.52

R2 0.25 0.15 0.01 0.13 0.08 0.12 0.07 0.02 0.27

t 3.93 2.88 0.56 2.65 2.08 2.54 1.92 1.04 4.12

p <0.01 <0.01 >0.01 >0.01 >0.01 >0.01 >0.01 >0.01 <0.01

Greenschist Mcheka (Zim), Nash Fork (USA),
Saunders River (USA), Gordon
Lake (Can), Kona Dolomite (USA),
Espanola (Can), Fecho do Funil
(Bra), Ganderela (Bra), Silverton
(SA), Duitschland (SA)

R 0.23 0.17 0.07 0.14 −0.23 −0.27 −0.20 0.03 −0.15

R2 0.05 0.03 0.00 0.02 0.06 0.07 0.04 0.00 0.02

t 3.05 2.20 0.89 1.86 3.08 3.57 2.58 0.35 1.89

p <0.01 >0.01 >0.01 >0.01 <0.01 <0.01 >0.01 >0.01 >0.01

All data is derived from CAP partial leaches, except isotopic data, which is obtained from the bulk rock. Statistically significant p values of <0.01 are emboldened.
Aus Australia, Gab Gabon, Zim Zimbabwe, USA United States of America, Can Canada, Bra Brazil, SA South Africa.
Bold text is when p values are less than 0.01, signifying statistically significant correlations.
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shorter-duration, positive, pre- and post-LE δ13Ccarb excursions identi-
fied in the Wooly Dolomite, Duitschland and Gordon Lake formations
and their equivalents have average CAP values that are 2, 2.3 and 4.5
times higher in samples, respectively, compared to carbonates with
near-to-zero C isotope values within these units or stratigraphically
close to them (Figs. 1 and 3). For example, for theWoolyDolomite, CAP
reaches 0.13mmol/mol during the peak of the δ13Ccarb excursion and
drops as low as 0.011mmol/mol in carbonates not recording the
δ13Ccarb excursion.

CAP data evaluation and discussion
CAP can be used to directly estimate relative oceanic phosphate level
at the time of carbonate precipitation, if detrital contamination,
diagenetic/metamorphic alteration and other potential modifications
to the primary seawater signature can be screened out19,29. Our CAP
extractions show no sign of contamination with other sources of
sedimentary P, as there is little to no correlation between CAP and La
(an element used for tracking phosphate mineral dissolution19;
Table 1). It has previously been proposed that the LE and other, posi-
tive short-lived δ13Ccarb excursions during the GOE may represent
diagenetic alteration30. In order to reach the positive δ13Ccarb values of
the LE, it was suggested that methanogenesis in the sedimentary pile
contributed with residual isotopically heavy carbon species, which

were then incorporated into carbonate minerals30. If true, these car-
bonates formed in the methanogenic zone would be enriched in CAP
due to remineralisation of organic matter, similar to the Miocene
Monterey Formation concretions19 that have a large range of δ13Ccarb

values consistent with intense methane production and high CAP
values. However, there are several lines of evidence against an over-
arching diagenetic control, including methanogenesis: (1) An impor-
tant geochemical feature of carbonates formed in the methanogenic
zone would be low concentrations of Carbonate-Associated Sulphate
(CAS) with highly positive δ34SCAS values due to the Rayleigh distilla-
tion with near-complete reduction of all available sulphate in the
methanogenic zone31. However, CAS concentrations are high in car-
bonates deposited during the LE8,32 and δ34SCAS values are inversely
correlatedwith δ13Ccarb values in the LEMcheka Formation, Zimbabwe,
arguing against carbonate formation in the methanogenic zone8.
Moreover, high CAS concentrations during the LE are consistent with a
relatively larger seawater sulphate reservoir at that time, which is
supported by S isotope data recorded in carbonate and coeval black
shales deposited on multiple cratons33. (2) Importantly, the δ34SCAS
values in the LE carbonates and coeval sulphate evaporite deposits are
roughly equivalent (Fig. 1b), suggesting that the analysed carbonates
generally capture the chemical signal of contemporaneous seawater,
supporting the premise that CAP signalsmay alsobe faithful records of
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seawater P8,34 (see Supplementary Information text 2). (3) The LE
Mcheka Formation carbonates (Supplementary Information 1) have I/
(Ca+Mg) values above 0.5μmol/mol17, suggesting precipitation from
oxygenated waters, which contrasts with authigenic carbonates of the
Miocene Monterey Formation, which formed in the methanogenic
zone of the anoxic sedimentary pile35. (4) There is no significant cor-
relation between Mg/Ca and Mn/Sr, which are commonly used as tra-
cers of mineralogical controls and late diagenetic meteoric effects on
carbonate chemistry, respectively36. (5) Samples from the Francevillian
FC Formation, Gabon, have been previously extensively screened for
diagenetic alteration using trace elements and petrography37, which
also supports a primary origin for the CAP and δ13Ccarb trends (Fig. 3a).
(6) There is no statistically significant correlation between CAP and U
or Fe concentrations in the carbonate leaches (Table 1), suggesting that
diagenetic alteration by changing redox conditions in pore water or
post-depositional fluids is not likely to have been responsible for CAP
values in the analysed samples. We do acknowledge, however, the
presence of significant point-to-point scatter in the CAP data within
individual units and among formations (Fig. 3), which is common in
Precambrian carbonate records due to a combination of lithological
heterogeneity, analytical noise and potential post-depositional altera-
tion. However, the replicated trends across the Francevillian and
Snowy Pass basins and the stratigraphic coherence among globally
correlative carbonate successions suggest that the broader patterns
reflect primary seawater signals.

Aside from diagenesis, shifts to positive δ13Ccarb values could
result from the diurnal carbon cycle, as observed for modern-day
Bahamian carbonates38, or other local processes such as seawater
evaporation. However, we note that a diurnal carbon cycle is unlikely
to produce coupling between CAP and δ13Ccarb values, but rather the
opposite. This is because a diurnal cycle results in high δ13Ccarb values
during periods of enhanced photosynthesis, which would draw down
P. In addition, evaporitic conditions could induce noticeable shifts to
δ13Ccarb andCAP in shallow-marine settings, due to restriction from the
open ocean, whereby implying that the observed δ13Ccarb and CAP
trends reflect local effects from globally distributed, isolated regions
from the global oceanbasins39.While a plausible explanation, there are
a number of conflicting observations, such as the occurrence of high
and/or positively correlated trends in δ13Ccarb and CAP in inferred
open, deep-marine settings such as the Nash Fork and Silverton car-
bonate successions deposited during the LE. However, in the case of
thedeep-marine Silverton Formation, somehave speculated that these
sediments might reflect turbidite deposits of shallow-marine
sediments40. Moreover, there is no statistically significant correlation
between CAP and Y/Ho (a commonly used indicator of basinal
restriction and water mass origins), with the exception of the Wooly
Dolomite andCarawineDolomite (Table 1). If evaporitic conditions did
diagenetically alter CAP or detach local marine P levels from the global
ocean P reservoir, we could expect to see some correlation between
CAP and tracers of different water masses.

Alternatively, there were likely significant changes in ocean
chemistry over the 600Myr during which the samples analysed in this
study were deposited41, which could have changed P incorporation
into carbonate without a change in seawater P concentration19,22. A
suite of controlled precipitation experiments found that CAP displays
a negative relationship with pH, alkalinity and carbonate precipitation
rate and a positive relationship with temperature. To explain the
increase in CAP values during the LE and other carbon isotope
excursions during theGOE as a result of changes in seawater chemistry
alone, seawater chemistry would need to shift to lower pH and alkali-
nity, which could also decrease carbonate precipitation rate. The
combined effects of lower pH, alkalinity and precipitation rate could
result in increased P incorporation into carbonate. Alternatively, sea-
water temperature would need to increase to force high P incorpora-
tion into carbonate. Temperature exerts a relatively small effect on

CAP, with a 20 °C change resulting in an increase in CAP by a factor of
1.519. While a decrease in pH from 8 to 7 could increase CAP by a factor
of 2, and adecrease in alkalinity by a factor of 4 could increaseCAPby a
factor of 1.7, a decrease in precipitation rate of 95 timeswould result in
a CAP increase by only a factor of 1.25. Given that half of our sample
sets exhibit CAP shifts by more than a factor of 4 across the positive
δ13Ccarb excursions, an exceptionally large change in seawater chem-
istry is required such as a combined large pH change (>1 unit), a 4×
reduction in alkalinity and a 95× decrease in carbonate precipitation
rate to achieve amore than 4× change in CAP values. Based on current
models for marine pH over Earth history, such a pH change is unlikely
to occur over the GOE interval41. Consequently, it can be reasonably
concluded that changing background ocean chemistry (i.e. species
other than dissolved phosphate) was not an overarching control on P
incorporation into carbonate minerals for these δ13Ccarb excursions.

There is a large spread in CAP values in formations deposited
during the LE (Fig. 1c), which could be expected given the hetero-
genous nature of P concentration in the modern surface ocean42. An
additional factor that might be responsible for the variability in CAP
values is the different metamorphic grade of the formations studied,
given that metamorphic alteration could lead to CAP loss29. This is
supported by LE carbonates from the unmetamorphosed and excep-
tionally well-preserved Francevillian FC and Juderina formations hav-
ing 1.9 and 2.1 times higher averageCAP values compared to the rest of
the LE carbonate formations,which have undergonemetamorphismat
the greenschist facies (Fig. 2). However, the Carawine Dolomite has
some of the lowest CAP and δ13Ccarb values from our dataset and is of a
significantly lower metamorphic grade than most formations within
thedataset (Table 1), suggesting that CAP loss duringmetamorphism is
not likely to be a primary control on the coupled CAP and δ13Ccarb

trends. Additionally, the correlation coefficient of CAP and δ13Ccarb

values declineswith increasingmetamorphic grade (Table 1 and Fig. 2),
suggesting that metamorphic alteration is an unlikely cause for the
positive correlation of CAP and δ13Ccarb.

Despite greatly varying preservational conditions (neomorphism
to greenschist facies and contact metamorphism; see Supplementary
Information 1) and in turn likely alteration of primary CAP signals, the
general first-order trend to higher CAP in carbonates with higher
δ13Ccarb values is consistent across all globally distributed basins
(Table 1; Fig. 1c; Figs. 2, 3). The array of depositional environments
across which these trends are found (e.g. sabkha and peritidal, plat-
form to upper slope and deep basin; see Supplementary Informa-
tion 1), in conjunction with the global distribution of the studied
successions, and the observation of multiple δ13Ccarb and CAP excur-
sions over a 600 Myr period during the GOE would require a high
degree of coincidence for local or diagenetic processes to produce
first-order trends in δ13Ccarb and CAP values across such an array of
spatiotemporal settings. Nevertheless, the possibility that preserva-
tional and sampling biases could have resulted in the analysed suc-
cessions capturing local or diagenetic effects that culminated in
coupledδ13Ccarb andCAP values cannot be conclusively eliminated, but
based on current observations, this also requires a multitude of
assumptions to explain the existence of correlated δ13Ccarb and CAP
values across such an array of metamorphic grades, carbonate
minerals (e.g. calcite and dolomite both preserve elevated δ13Ccarb and
CAP values in the Silverton Formation), environments of deposition
and time periods. On that basis, the most parsimonious interpretation
suggests that dissolved phosphate concentrations were elevated in
global marginal-marine basins and oceans during the LE and other,
short-lived positive δ13Ccarb excursions during the GOE (see Fig. 1 and
Supplementary Information 2).

Phosphorus cycling during the Great Oxidation Event
The elevated CAP values observed during the LE and other positive
δ13Ccarb excursions across the GOE provide strong evidence for
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transient growth in the marine P reservoir at that time. These data
support a model in which enhanced P bioavailability stimulated high
rates of primary productivity, ultimately driving the rapid accumula-
tion of atmospheric O2 at least during the LE. However, interpreting
these P trends requires acknowledging that the Precambrian P cycle
operated under fundamentally different oceanographic and redox
conditions than those in the modern oceans.

Recent work has shown that P and ocean anoxia were sometimes
decoupled in Precambrian systems22, in contrast to their tightly cou-
pled behaviour in modern oxygenated oceans. This decoupling sug-
gests that the feedbacks linking redox conditions, P recycling and
productivity may have been weaker or operated differently in deep
time. Supporting this interpretation, elevated P burial efficiency has
been documented under ferruginous anoxic conditions during the
Proterozoic, with both ferruginous and euxinic settings showing
higher P to organic carbonburial ratios than those observed inmodern
sediments43,44. These findings indicate that anoxic conditions did not
necessarily promote P regeneration and may have contributed to
sustained P burial, weakening the regulatory link between marine
productivity and redox conditions.

Unlike the modern P cycle, which is strongly coupled to oxygen-
rich and sulphate-abundant environments that support efficient recy-
cling of organic-bound P24, the Precambrian ocean was dominated by
ferruginous and sulphate-poor conditions45–47. Under these conditions,
both P scavenging by reactive iron minerals and inefficient reminer-
alization due to limited sulphate availability would have suppressed
marine phosphate concentrations. Our CAP evidence from the Loma-
gundi interval, however, points to a period when these constraints
were relaxed, allowing for a significant expansion of the marine P
reservoir. This relaxation likely resulted from the expansion of marine
sulphate availability, potentially driven by oxidative weathering asso-
ciatedwith tectonicuplift during theTureeCreekOrogeny13,48,49. Rising
sulphate levels would have stimulated microbial sulphate reduction
and enhanced P recycling from organic-rich sediments8. P speciation
data from this interval support increased recycling efficiency as a
result of increasing sulphate availability, due to sedimentary sulphur
cycling50, reinforcing a positive feedback in which rising atmospheric
oxygen levels increased sulphate availability in anoxic marine sea-
water, amplifying P release and sustained high productivity. This
feedback likely reached a tipping point during the LE, with high CAP
values reflecting peak P bioavailability and export production. How-
ever, the subsequent decline in atmospheric oxygen levels suggests
that this system was inherently unstable. As oxygen levels rose, Earth
system feedbacks may have shifted toward modern-like P cycling, in
which oxygenated bottom waters enhance P trapping in sediments
through iron and calciumphosphate formation. This shift is supported
by thewidespreaddeposition of phosphorites near the endof theGOE,
around 2 billion years ago, which typically require suboxic to oxic
conditions to form24. The temporal coincidence of phosphorite for-
mation with peak CAP values and rising oxygen suggests that
enhanced sedimentary P drawdownmay have emerged as a stabilising
feedback, reducing marine phosphate concentrations and triggering
the collapse of atmospheric oxygen levels following the LE. Future
work integrating CAP with Total Organic Carbon, total P and trace-
metal datasets will help further disentangle P cycling controls on CAP
and marine P availability.

Together, these observations indicate that the Precambrian P
cycle experienced fundamental transitions in response to evolving
redox conditions and that brief windows of enhanced P bioavailability
could drive major atmospheric shifts in O2 levels. The CAP record,
when interpreted in light of these redox and sedimentary processes,
captures the dynamic and sometimes unstable coupling between
marine nutrients and Earth’s oxygenation trajectory. This interpreta-
tion is also consistent with triple-oxygen isotope values of sulphate,
which indicate a major increase in primary productivity and O2

production across the GOE and LE51. While other models have been
proposed to explain positive δ13Ccarb excursions during the
GOE16,30,52,53, most models rely on higher seawater P concentrations
during positive δ13Ccarb excursions across the GOE as a contributor to
elevated biological productivity and atmospheric O2 level, which is for
the first time demonstrated by the CAP data presented herein.

Despite there being a positive correlation of CAP and δ13Ccarb

during the GOE, it does not imply that elevated marine P level was the
sole driving force behind the GOE, and other forcings could have
included a change in the flux of reductants to Earth’s surface, e.g.
changes in volcanism54, methane55 or H2 production56/H2 escape to
space57, a switch between two bi-stable redox states58, or a switch from
ecological dominance of anoxygenic to oxygenic photosynthesis59,60.
These mechanisms can be broadly grouped into a reductant or
P-driven GOE, a reductant-driven GOE is one in which O2 sinks gra-
dually diminish andO2 levels gradually rise until reaching some tipping
point, allowing for a rapid rise inO2 levels. A P-drivenGOE is onewhere
additional P input provides a temporary increase in O2 production.
Both could have resulted in a rapid rise in O2 level once O2 production
overcameO2 sinks. In order to explorewhich hypothesis ismore likely,
we will use a biogeochemical model to assess both potential styles for
the GOE.

Biogeochemical modelling
We utilise a recent global biogeochemical model61, which has been
previously used to quantify the dynamics of P, C and O in the oceans
and atmosphere over the course of Earth’s history, and has been vali-
dated against a suite of long-term geochemical data. We used the
model to quantify the dynamics of P, C and O during a hypothetical
P-driven oxygenation event that lasted for 200 Myr, which is equiva-
lent to the potential duration of the LE (see ‘model description’ in
‘Methods’). In thismodel, the global ocean is divided into four regions,
representing the proximal and distal continental shelves, and the
surface and deep oceans, which are connected and mixed under
modern-ocean water-mass fluxes61 (Fig. 4). We begin the model in a
pre-GOE state (as in ref. 43) and modify it to simulate an increase in P
input to the oceans from continental weathering during the LE. We
used a P flux of sufficientmagnitude to reproduce an inorganic carbon
isotope excursion of +8‰, which is the average value for the LE
(Fig. 1d); the P flux used is yet one to two orders of magnitude lower
than modern-day riverine P flux24. We note that other complimentary
models, should as enhanced carbonate subduction and degassing
could generate a positive excursion in δ13C of marine dissolved inor-
ganic carbon (DIC) (δ13CDIC), in addition to P-driven organic carbon
burial, and therefore lower P fluxes may achieve the same result when
factoring in these other mechanisms see refs. 16,52. We ran the model
1000 times using a range of input variables (see ‘Methods’) in a Monte
Carlo setup and report the results within a 95% confidence window.
Within this window, additional P input increases primary productivity
and therefore O2 production, resulting in a geologically rapid rise in
atmospheric O2, reaching between 40 to 110% PAL (Fig. 5a, b). Elevated
primaryproductivity results in excess organic carbon burial, driving an
increase in global seawater δ13CDIC values (Fig. 5c–f). High organic
carbon burial at this time is consistent with abundant occurrences of
deep-water black shales during the LE62.

In our modified model, we estimated δ13CDIC values in each ocean
region by modifying the global value in line with local relative dis-
solved P concentrations (see ‘Method’ description). This ‘Redfield
slope’ method applies an inverse relationship between δ13CDIC and P
concentration based on the modern ocean63. Our model results show
that in the shallowest regions of the ocean (proximal regions) δ13CDIC

values increase to between +3 and +8‰ due to high rates of photo-
synthesis, relative to respiration, which results in low dissolved P
concentrations (Fig. 5d). The higher end of these δ13CDIC values is
consistent with average δ13Ccarb value of the LE carbonates. In the deep
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ocean, δ13CDIC values only reach around +3‰ due to higher rates of
respiration relative tophotosynthesis,which favour the build-upof 13C-
depleted, DIC and P (Fig. 5e). In short, ourmodel predicts a range from
small (<0.5‰) to large (>5‰) transient δ13CDIC gradients in the oceans
during the LE, as a result of elevated marine P concentration and
enhanced primary productivity. This model result could explain
observations of the facies-dependent expression of the LE, where the
highest δ13Ccarb values occur in shallow marine carbonate and smaller
δ13Ccarb values in purported deeper marine carbonate deposited dur-
ing the LE39. The existence of transiently large,marineδ13CDIC gradients
during the LE could also lower the required amount of biomass burial

needed to explain the LE and prevent extremely high atmospheric and
deep-ocean O2 levels (3.0 and 2.5 times modern levels, respectively)
predicted by the model, if the whole ocean would have shifted in
δ13CDIC values to +8‰ (i.e. without δ13CDIC gradient in the oceans, see
Fig. 6). However, we note that there are few constraints on Paleopro-
terozoic Pweathering input,marineDICconcentration and the relative
content of C and P in primary producers (see ‘Methods’), which toge-
ther prevent constraining marine δ13CDIC gradients during the LE, until
these parameters are better quantified.

After this additional P input to the ocean is removed, organic
productivity and O2 production decline, resulting in a drop in
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atmospheric O2 level to around 20% PAL (Fig. 5b). These declines in
biological productivity and atmospheric O2 level are consistent with
geochemical proxies invoking a collapse in primary productivity and
atmospheric O2 level after the LE9,51,64,65. Note, the absolute atmo-
spheric O2 level in the model is dependent on the riverine P flux,
mantle degassing and weathering rates, which are poorly constrained
for the Paleoproterozoic and therefore model estimates for atmo-
spheric O2 can vary significantly within its uncertainty range61. Never-
theless, model results show that an increase inmarine P concentration
can feasibly result in a major rise in seawater δ13CDIC values and
atmospheric O2 level, consistent with available δ13Ccarb, CAP and
atmospheric and ocean redox proxy data for the GOE (Fig. 1b).What is
particularly noteworthy is when themodel is runwithout an additional
P input during the GOE but with a declining reductant flux over time, a
surface oxygenation event does occur when oxygen production
overwhelms the reductant flux61,66, however, there are distinct differ-
ences between a P-driven GOE and a reductant-driven GOE (Extended
Data Fig. 7). Firstly, no appreciableδ13CDIC excursion is generated in the
reductant-drivenGOE,whereas a positive δ13Ccarb excursion is seen in a
P-driven GOE. Second, during a reductant-driven GOE, atmospheric
oxygen rises to a new stable level without any subsequent decline in
atmospheric O2, whereas during the P-driven GOE, O2 level declines
once the change in P input is removed. This decline in atmospheric O2

level after the GOE is consistent with many geochemical
proxies8,9,13,64,67, recording lower seawater oxidant and O2 atmospheric
availability immediately after the GOE (Fig. 1b).

Current geochronological age constraints prevent conclusive
resolution of whether the LE and other, shorter-lived positive δ13Ccarb

excursions during the GOE were globally synchronous events. Given
the abundance of globally distributed basins that carry large positive
δ13Ccarb excursion with an age between ca. 2.22 and 2.06 Ga, the like-
lihood of selectively preserving shallow-marine basins enriched in
δ13CDIC and P due to a series of unrelated events during a 160 Myr
window of the LE is low, especially considering that the preservational
potential of sedimentary rocks declines with their ages. Therefore, this
time period was likely characterised either by numerous, highly pro-
ductive sedimentary basins or one or multiple events with globally
elevated seawater δ13CDIC values and P concentrations; both scenarios
would result in elevated global productivity and O2 production. We
prefer the latter scenario because carbonates from inferred, open-
marine settings preserve δ13Ccarb excursions well exceeding 2–3‰39,68.

This is only feasible in ourmodel (Fig. 5f) with a global-scale increase in
organic carbon burial (i.e. 1013mol C/yr), which results in atmospheric
O2 level consistent with redox proxy records (i.e. a transition from
<10−5 to >10−3 PAL) (Fig. 5b). Based onourmodel, thismeans that the LE
and associated rise in atmospheric O2, required a global-scale increase
in P availability and in turn in productivity to explain the δ13Ccarb

record.

Summary
In conclusion, the positive correlation of δ13Ccarb and CAP across
multiple time intervals and depositional environments throughout the
GOE provides strong evidence for a contemporaneous increase in
seawater P level and, in turn, primary productivity and organic carbon
burial between ca. 2.43 and 2.06 Gyr ago. However, uncertainties
remain regarding the spatial extent to which this positive correlation
may have applied (e.g. shallow-marine basins versus global oceans),
and howmuch of the relative change in CAP values reflects changes in
seawater dissolved P concentration, as opposed to compounding
effects from broader shifts in seawater chemistry. Nevertheless, bio-
geochemicalmodel results, in addition to proxies for globally elevated
primary productivity (e.g. triple-oxygen isotope composition51) and
evidence for the rapid rise and fall of atmosphere-ocean oxygenation
(e.g. redox-sensitive elements and their isotope compositions5,8,9,17,65,67)
during the LE and other intervals throughout the GOE, converge on a
unifying hypothesis. Together, they strongly support the interpreta-
tion that P bioavailability was the most likely driver of rapid and large-
magnitude fluctuations in atmospheric O2 levels during the later part
of the GOE, ending in the permanent oxygenation of Earth’s surface,
paving the way for the evolution of oxygen-dependent, eukaryotic life
at that time, such as the first appearance of Grypania Spiralis and the
Francevillian biota during the LE (Fig. 1a) and afterwards69. These
events were likely preceded by a long-term, gradual rise in atmo-
sphericO₂ level, whichmayhavefinally triggered the observed spike in
marine P availability and large-scale phosphorite deposits during the
later stages of the GOE49.

Methods
Total inorganic carbon (TIC) analysis
TIC was measured using a FOGL Digital Soil Calcimeter. TIC was
measured directly byweighing out ~0.2 g of rock powder into gas-tight
250mL glass bottles and 4mL of 6M HCl in a plastic cuvette was
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carefully added to the bottle. Once a bottle was sealed, it was tipped to
mix carbonate and HCl and periodically shaken until a stable reading
was achieved on the calcimeter. A pure calcium carbonate carbon
standard was analysed after every 10 samples to check reproducibility
(±2% CaCO3; n = 30).

Carbonate carbon- and oxygen-isotope analysis
Carbonate carbon- and oxygen-isotope analysis was performed in the
West Australian Biogeochemistry Centre at the University of Western
Australia and Nanjing University. About 60–300μg of sample powder
was loaded into a vial after drying the powders at 70 °C for 24 h in an
argon atmosphere. The samples were then reacted with 100% phos-
phoric acid under a vacuum at 70 °C using a GasBench II or a Kiel IV
device. The resulting CO2was subsequently introduced into a Thermo-
Fisher Scientific Delta XL mass spectrometer at the University of
WesternAustralia orMAT253mass spectrometer atNanjingUniversity
for isotopic measurements. Delta values were calibrated relative to
IAEA reference standards NBS19 and NBS18, and Chinese national
standard GBW04416. Carbon-isotope and oxygen-isotope data for
carbonates are reported relative to Vienna Pee Dee Belemnite with a
precision better than ±0.1‰ and ±0.15‰ (1σ) for carbon and oxygen
isotope values, respectively, based on duplicate analyses of standards
and unknowns.

Carbonate-associated phosphate (CAP) analysis
CAP was measured following previously established protocols19. Only
samples comprising >50% carbonate were chosen for analysis. Based
on sample TIC and carbonate mineralogy, sufficient sample powder
was weighed out, corresponding to ~1mmol of carbonate. Samples
were then repeatedly washed for 24 h, each time using 4mL of 10%
NaCl solution buffered to pH 8 with NaHCO3 to remove adsorbed P.
Once adsorbed P was below 0.1 ppm in the wash solution, an appro-
priate amount of 2% vol/vol acetic acid was added to the powder to

dissolve up to 70% of the carbonate. After 30min the sample was
centrifuged, and the leachate was extracted using 0.2-micron poly-
ethersulfone membrane filters. An aliquot of leachate was taken for
major and trace element analysis and measured using a Thermo
Fisher Element XR Inductively Coupled PlasmaMass Spectrometer at
the Centre for Microscopy, Characterisation and Analysis at the
University of Western Australia. Analytical errors were better than
±2% for all elements based on duplicate analyses of two internal
standards. Another aliquot of the leachate was taken, and the P
concentration was determined spectrophotometrically using the
malachite green method at 663 nm and a Perkin-Elmer EnSight® plate
reader at the University of Western Australia and Chengdu University
of Technology, with a relative standard deviation of less than ±5%.
The sample residue was then washed with 4mL of 10% NaCl solution
buffered to pH 8 with NaHCO3 for 24 h, and P in the wash was mea-
sured using the malachite green method. This sequence was repe-
ated until P in the wash was below 0.1 ppm. The P in the leachate and
washes was summed together to give CAP, which was then normal-
ised to the Ca and Mg concentrations in the leachate. Three Edia-
caran dolomite sediments with varying TIC, total organic carbon and
clay contents were run alongside unknowns to check reproducibility
for quality assurance, with duplicate CAP measurements differing
by <10%.

Biogeochemical modelling
A four-box biogeochemicalmodel after Slomp and Cappellen (2007)70

andAlcott et al.61 was used tomodel biogeochemical feedbacks among
the P, C and O2 cycles during the GOE. The model has previously been
used to explore a long-term shift in Earth’s redox state, driven by the
cooling mantle and the emergence and carbon enrichment of the
continental crust61. Thismodel is solved inMATLABusing theOrdinary
Differential Equation suite. Here, we provide a key description of our
model work.
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In this model the ocean is divided into proximal, distal, surface
and deep ocean reservoirs. The proximal zone comprises the part of
the coastal ocean directly influenced by river input and includes large
bays, the open-water part of estuaries, deltas, inland seas and coastal
sabkhas. The distal zone is where element recycling and upwelling are
quantitativelymore important than river input, andwhich includes the
open-continental shelves (average water depth is ~130m). The
remaining two boxes include the surface layer of the open ocean
(average depth 150m) and the deep ocean. In the model setup from
Alcott et al.66,43, a number of forcings are applied to guide the secular
rise of atmospheric O2. Themodel uses these forcings to progressively
increase the delivery of riverine P to the oceans, and/or decrease the
reducing gas flux from Earth’s interior to surface; both directly trans-
late to increasingly higher atmospheric O2 level over time. For our
study, we induce an atmospheric O2 level below 10-5 PAL using a pre-
GOE reduced gasflux (Alcott et al.43,52) before the LE (2220 to 2060Myr
ago)5. A riverine P input forcing is then applied to create a rise in
atmospheric O2 level during the LE that is consistent with geochemical
redox proxies for atmospheric O2

5,71. Some previous use of this model
has included an Fe scavenging flux following prior assertion that Fe-
oxidesmay have removed P fromPrecambrian oceans. This flux adds a
redox-dependent negative flux to the marine P pool. We did not apply
this Fe scavenging flux in our model run because it is not used in the
most recentmodel version,which has demonstrated a reasonablefit to
long-term C and P cycle data. However, as we force the model by
adding P to the global ocean and do not rely on redox changes as the
driver of P availability in the model, consideration of this flux would
not change our conclusions.

Calculation of proximal and distal ocean inorganic carbon
isotope values
The biogeochemical model used here includes an inorganic carbon
cycle with the inclusion of a one-box inorganic carbon reservoir. This
allows the computation of the average isotopic composition of DIC in
the oceans (see Alcott et al.43 for further details). This simplified one-
box component, however, cannot capture the heterogeneity of the
inorganic carbon cycle within the oceans, which we will briefly
describe below.

In the modern ocean, the C-isotopic composition of DIC (δ13CDIC) is
modulated by the effects of photosynthesis and respiration63,72. In the
shallow portions of the ocean (<100m depth), rates of photosynthesis
outweigh those of respiration, resulting in the production of high δ13CDIC

values. At progressively greater depths, rates of respiration increase
over those of photosynthesis, resulting in lower δ13CDIC values.

In order to capture the heterogeneity of the ocean inorganic
carbon cycle, we follow the assumption that seawater δ13CDIC values
are related to seawater P concentrations, as is the case in the modern
ocean63. This assumption is based on the fact that photosynthesis in
shallow waters results in the uptake of P and hence lower P con-
centrations in shallow waters. At depth, greater rates of respiration
result in the concomitant release of P and isotopically depleted C to
the oceans. This innate connection between dissolved inorganic C and
P results in what is referred to as the ‘Redfield slope’63. Consequently,
assuming that seawater, inorganic P and C concentrations are mainly
controlled by photosynthesis and respiration, the δ13CDIC can be rela-
ted to seawater phosphate concentration as follows63:

δ13CDIC =δ
13C

A:O:
+

Δphoto

ΣCO2
A:O:

Corg

Porg
ðPO4 � PO4

A:O:Þ ð1Þ

In this equation, A.O. denotes average ocean. Therefore δ13CA.O. in
our model refers to the global seawater δ13CDIC value (termed Aiso in
the model code). Δphoto is the isotopic offset between organic and
inorganic carbon, ΣCO2

A.O. corresponds to the average seawater DIC
concentration, Corg/Porg is the ratio of C/P in biomass, PO4 is the

concentration of P in the ocean region for which δ13CDIC is being cal-
culated for and PO4

A.O. is the average seawater P concentration, which
in our model corresponds to the deep-ocean P concentration.

Monte Carlo parameters
As shown by the sensitivity areas (green shading) in Fig. 6, several
parameters were varied across 1000 model runs for a Monte Carlo
analysis. In our model runs, we varied the C/P ratio of biomass, the
mean seawater DIC concentration, and the magnitude of P input to
the ocean.

The C/P of biomass is known to vary with the abundance of
nutrients in water bodies73. The ratio is constrained between the
Redfield ratio (106) and previously speculated values of up to 40074.

The DIC concentration in the Paleoproterozoic oceans is uncer-
tain, but current best estimates suggest that <30mmol/L is most
likely75. With this in mind, we varied the parameter between the
modern seawater value of 2.2mmol/L and 30mmol/L as estimated by
geochemical data for the Paleoproterozoic75.

We varied themagnitude of the additional P input in ourmodel to
explore how an order of magnitude increase in P input between 109

and 1010mol P/yr would affect atmospheric O2 level.
For the full model description, including model equations and

parameters, see Alcott et al.43.

Data availability
The geochemical data generated and used in this study have been
deposited in the Figshare database at https://doi.org/10.6084/m9.
figshare.29380727.

Code availability
Model code can be downloaded at GitHub (https://github.com/lalcott/
d13Ctemp_2023).

Materials availability
All samples were collected and exported in a responsible manner and
in accordancewith relevant permits and local laws. Global coordinates
and/ or location information and drill core names are given for all
samples collected in the supplementary information files. Requests for
materials should be addressed to M.S.D., C.L., A.B.

References
1. Lyons, T. W., Reinhard, C. T. & Planavsky, N. J. The rise of oxygen in

Earth’s early ocean and atmosphere. Nature 506, 307–315 (2014).
2. Liu, H., Zartman, R. E., Ireland, T. R. & Sun,W. -dGlobal atmospheric

oxygen variations recorded by Th/U systematics of igneous rocks.
Proc. Natl. Acad. Sci. USA 116, 18854–18859 (2019).

3. Canfield, D. E. Treatise on Geochemistry 2nd edn (eds Holland H. D.
& Turekian K. K.) 197–216 (Elsevier, 2014).

4. Pavlov, A. A. & Kasting, J. F. Mass-independent fractionation of
sulfur isotopes in Archean sediments: strong evidence for an anoxic
Archean atmosphere. Astrobiology 2, 27–41 (2002).

5. Poulton, S. W. et al. A 200-million-year delay in permanent atmo-
spheric oxygenation. Nature 592, 232–236 (2021).

6. Canfield, D. E. The early history of atmopsheric oxygen. Annu. Rev.
Earth Planet. Sci. 33, 1–36 (2005).

7. Large, R. R. et al. Evidence that the GOE was a prolonged event
with a peak around 1900 Ma. Geosyst. Geoenviron. 1, 100036
(2022).

8. Planavsky, N. J., Bekker, A., Hofmann, A., Owens, J. D. & Lyons, T.W.
Sulfur record of rising and falling marine oxygen and sulfate levels
during the Lomagundi event. Proc. Natl. Acad. Sci. USA 109,
18300 (2012).

9. Ossa Ossa, F. et al. Moderate levels of oxygenation during the late
stage of Earth’s Great Oxidation Event. Earth Planet. Sci. Lett. 594,
117716 (2022).

Article https://doi.org/10.1038/s41467-025-64194-4

Nature Communications |         (2025) 16:9151 10

https://doi.org/10.6084/m9.figshare.29380727
https://doi.org/10.6084/m9.figshare.29380727
https://github.com/lalcott/d13Ctemp_2023
https://github.com/lalcott/d13Ctemp_2023
www.nature.com/naturecommunications


10. Holland, H. D. Volcanic gases, black smokers, and the great oxida-
tion event. Geochim. et. Cosmochim. Acta 66, 3811–3826 (2002).

11. Rasmussen, B., Bekker, A. & Fletcher, I. R. Correlation of Paleopro-
terozoic glaciations based on U–Pb zircon ages for tuff beds in the
Transvaal and Huronian supergroups. Earth Planet. Sci. Lett. 382,
173–180 (2013).

12. Bekker, A. Encyclopedia of Astrobiology (eds Gargaud et al.) 1–7
(Springer, 2020).

13. Bekker, A. & Holland, H. D. Oxygen overshoot and recovery during
the early Paleoproterozoic. Earth Planet. Sci. Lett.317-318, 295–304
(2012).

14. Campbell, I. H. &Allen,C.M. Formationof supercontinents linked to
increases in atmospheric oxygen. Nat. Geosci. 1, 554 (2008).

15. Konhauser, K. O. et al. Aerobic bacterial pyrite oxidation and acid
rock drainage during the Great Oxidation Event. Nature 478,
369 (2011).

16. Eguchi, J., Seales, J. & Dasgupta, R.Great Oxidation and Lomagundi
events linked by deep cycling and enhanced degassing of carbon.
Nat. Geosci. 13, 71–76 (2020).

17. Hardisty, D. S. et al. An iodine record of Paleoproterozoic surface
ocean oxygenation. Geology 42, 619–622 (2014).

18. Hodgskiss, M. S. W., Crockford, P. W. & Turchyn, A. V. Decon-
structing the Lomagundi-Jatuli carbon isotope excursion. Annu.
Rev. Earth Planet. Sci. 51, 301–330 (2023).

19. Dodd, M. S. et al. Development of carbonate-associated phosphate
(CAP) as a proxy for reconstructing ancient oceanphosphate levels.
Geochim. et. Cosmochim. Acta 301, 48–69 (2021).

20. McIntire, W. L. Trace element partition coefficients—a review of
theory and applications to geology.Geochim. et. Cosmochim. Acta
27, 1209–1264 (1963).

21. Ingalls, M. et al. P/Ca in carbonates as a proxy for alkalinity and
phosphate levels.Geophys. Res. Lett. 47, e2020GL088804 (2020).

22. Dodd, M. S. et al. Uncovering the Ediacaran phosphorus cycle.
Nature 618, 974–980 (2023).

23. Barkan, Y., Paris, G., Webb, S. M., Adkins, J. F. & Halevy, I. Sulfur
isotope fractionation between aqueous and carbonate-associated
sulfate in abiotic calcite and aragonite. Geochim. et. Cosmochim.
Acta 280, 317–339 (2020).

24. Ruttenberg, K. C. Treatise on Geochemistry (eds Holland H. D. &
Turekian K. K.) 585–643 (Pergamon, 2003).

25. Ingall, E. D., Bustin, R. M. & Van Cappellen, P. Influence of water
column anoxia on the burial and preservation of carbon and
phosphorus in marine shales. Geochim. et. Cosmochim. Acta 57,
303–316 (1993).

26. Andrey, B. et al. Chemostratigraphy of the Paleoproterozoic
Duitschland formation, South Africa: implications for coupled cli-
mate change and carbon cycling. Am. J. Sci. 301, 261 (2001).

27. Bekker, A., Karhu, J. A. & Kaufman, A. J. Carbon isotope record for
the onset of the Lomagundi carbon isotope excursion in the Great
Lakes area, North America. Precambrian Res. 148, 145–180 (2006).

28. Bekker, A., Krapež, B., Müller Stefan, G. & Karhu Juha, A. A short-
term, post-Lomagundi positive C isotope excursion at c. 2.03 Ga
recorded by the Wooly Dolomite, Western Australia. J. Geol. Soc.
173, 689–700 (2016).

29. Ingalls, M., Grotzinger, J. P., Present, T., Rasmussen, B. & Fischer,W.
W. Carbonate-associated phosphate (CAP) indicates elevated
phosphate availability inNeoarchean shallowmarine environments.
Geophys. Res. Lett. 49, e2022GL098100 (2022).

30. Hayes, J. M. & Waldbauer, J. R. The carbon cycle and associated
redox processes through time. Philos. Trans. R. Soc. Lond. B Biol.
Sci. 361, 931–950 (2006).

31. Loyd, S. J., Berelson,W.M., Lyons, T.W.,Hammond, D. E. &Corsetti,
F. A. Constraining pathways of microbial mediation for carbonate
concretions of the Miocene Monterey Formation using carbonate-
associated sulfate.Geochim. et. Cosmochim. Acta 78, 77–98 (2012).

32. Bryant, R. N. et al. Local sedimentary effects shaped key sulfur
records after the Great Oxidation Event. Earth Planet. Sci. Lett. 648,
119113 (2024).

33. Scott, C. et al. Pyrite multiple-sulfur isotope evidence for rapid
expansion and contraction of the early Paleoproterozoic seawater
sulfate reservoir. Earth Planet. Sci. Lett. 389, 95–104 (2014).

34. Ossa Ossa, F. et al. Two-step deoxygenation at the end of the
Paleoproterozoic Lomagundi Event. Earth Planet. Sci. Lett. 486,
70–83 (2018).

35. Hardisty, D. S. et al. Perspectives on Proterozoic surface ocean
redox from iodine contents in ancient and recent carbonate. Earth
Planet. Sci. Lett. 463, 159–170 (2017).

36. Ahm, A.-S. C., Bjerrum, C. J., Blättler, C. L., Swart, P. K. &
Higgins, J. A. Quantifying early marine diagenesis in shallow-
water carbonate sediments. Geochim. et. Cosmochim. Acta
236, 140–159 (2018).

37. Kalderon-Asael, B. et al. A lithium-isotope perspective on the evo-
lution of carbon and silicon cycles. Nature 595, 394–398 (2021).

38. Geyman, E. C. & Maloof, A. C. A diurnal carbon engine explains
13C-enriched carbonates without increasing the global pro-
duction of oxygen. Proc. Natl. Acad. Sci. USA 116, 24433–24439
(2019).

39. Prave, A. R. et al. The grandest of them all: the Lomagundi–Jatuli
Event and Earth's oxygenation. J. Geol. Soc. 179, jgs2021–jgs2036
(2022).

40. Blättler, C. L. et al. Two-billion-year-old evaporites capture Earth’s
great oxidation. Science 360, 320–323 (2018).

41. Halevy, I. & Bachan, A. The geologic history of seawater pH.Science
355, 1069–1071 (2017).

42. Martiny, A. dam et al. Biogeochemical controls of surface ocean
phosphate. Sci. Adv. 5, eaax0341 (2019).

43. Canfield, D. E., Bjerrum, C. J., Zhang, S., Wang, H. & Wang, X. The
modern phosphorus cycle informs interpretations of Mesoproter-
ozoic Era phosphorus dynamics. Earth Sci. Rev.208, 103267 (2020).

44. Guilbaud, R. et al. Phosphorus-limited conditions in the early Neo-
proterozoic ocean maintained low levels of atmospheric oxygen.
Nat. Geosci. 13, 296–301 (2020).

45. Bjerrum, C. J. & Canfield, D. E. Ocean productivity before about 1.9
Gyr ago limited by phosphorus adsorption onto iron oxides. Nature
417, 159–162 (2002).

46. Kipp, M. A. & Stüeken, E. E. Biomass recycling and Earth’s early
phosphorus cycle. Sci. Adv. 3 https://doi.org/10.1126/sciadv.
aao4795 (2017).

47. Reinhard, C. T. et al. Evolution of the global phosphorus cycle.
Nature 541, 386–389 (2017).

48. Karhu, J. A. & Holland, H. D. Carbon isotopes and the rise of atmo-
spheric oxygen. Geology 24, 867–870 (1996).

49. Papineau, D. Global biogeochemical changes at both ends of the
Proterozoic: insights from phosphorites. Astrobiology 10,
165–181 (2010).

50. Alcott, L. J., Mills, B. J. W., Bekker, A. & Poulton, S. W. Earth’s Great
Oxidation Event facilitated by the rise of sedimentary phosphorus
recycling. Nat. Geosci. 15, 210–215 (2022).

51. Hodgskiss,M. S.W., Crockford, P.W., Peng, Y.,Wing, B. A.&Horner,
T. J. A productivity collapse to end Earth’s Great Oxidation. Proc.
Natl. Acad. Sci. USA 116, 17207–17212 (2019).

52. Shields, G. A. & Mills, B. J. W. Tectonic controls on the long-term
carbon isotope mass balance. Proc. Natl. Acad. Sci. USA 114,
4318–4323 (2017).

53. Schrag, D. P., Higgins, J. A., Macdonald, F. A. & Johnston, D. T.
Authigenic carbonate and the history of the global carbon cycle.
Science 339, 540 (2013).

54. Kump, L. R. & Barley, M. E. Increased subaerial volcanism and the
rise of atmospheric oxygen 2.5 billion years ago. Nature 448,
1033–1036 (2007).

Article https://doi.org/10.1038/s41467-025-64194-4

Nature Communications |         (2025) 16:9151 11

https://doi.org/10.1126/sciadv.aao4795
https://doi.org/10.1126/sciadv.aao4795
www.nature.com/naturecommunications


55. Konhauser, K. O. et al. Oceanic nickel depletion and amethanogen
famine before the Great Oxidation Event. Nature 458, 750–753
(2009).

56. Dodd, M. S. et al. Abiotic anoxic iron oxidation, formation of
Archean banded iron formations, and the oxidation of early Earth.
Earth Planet. Sci. Lett. 584, 117469 (2022).

57. Catling, D. C., Zahnle, K. & Mckay, C. P. Biogenic methane, hydro-
gen escape, and the irreversible oxidation of early Earth. Science
293, 839–843 (2001).

58. Goldblatt, C., Lenton, T.M. &Watson, A. J. Bistability of atmospheric
oxygen and the Great Oxidation. Nature 443, 683–686 (2006).

59. Ozaki, K., Thompson, K. J., Simister, R. L., Crowe, S. A. &Reinhard, C.
T. Anoxygenic photosynthesis and the delayed oxygenation of
Earth’s atmosphere. Nat. Commun. 10, 3026 (2019).

60. Olejarz, J., Iwasa, Y., Knoll, A. H. & Nowak, M. A. The Great Oxyge-
nation Event as a consequence of ecological dynamics modulated
by planetary change. Nat. Commun. 12, 3985 (2021).

61. Alcott, L. J., Walton, C., Planavsky, N. J., Shorttle, O. & Mills, B. J. W.
Crustal carbonate build-up as a driver for Earth’s oxygenation. Nat.
Geosci. 17, 458–464 (2024).

62. Condie, K. C., Des Marais, D. J. & Abbott, D. Precambrian super-
plumes and supercontinents: a record in black shales, carbon
isotopes, and paleoclimates. Precambrian Res. 106, 239–260
(2001).

63. Broecker, W. S. & Maier-Reimer, E. The influence of air and sea
exchange on the carbon isotope distribution in the sea. Glob. Bio-
geochem. Cycles 6, 315–320 (1992).

64. Canfield, D. E. et al. Oxygen dynamics in the aftermath of the Great
Oxidation of Earth’s atmosphere. Proc. Natl. Acad. Sci. USA 110,
16736–16741 (2013).

65. Partin, C. A. et al. Large-scale fluctuations in Precambrian atmo-
spheric and oceanic oxygen levels from the record of U in shales.
Earth Planet. Sci. Lett. 369-370, 284–293 (2013).

66. Alcott, L. J., Mills, B. J. W. & Poulton, S. W. Stepwise Earth oxyge-
nation is an inherent property of global biogeochemical cycling.
Science 366, 1333–1337 (2019).

67. Kipp, M. A., Stueken, E. E., Bekker, A. & Buick, R. Selenium isotopes
record extensive marine suboxia during the Great Oxidation Event.
Proc. Natl. Acad. Sci. USA 114, 875–880 (2017).

68. Bekker, A. et al. Fractionation between inorganic and organic car-
bon during the Lomagundi (2.22–2.1 Ga) carbon isotope excursion.
Earth Planet. Sci. Lett. 271, 278–291 (2008).

69. Catling, D. C., Glein, C. R., Zahnle, K. J. & McKay, C. P. Why O2

is required by complex life on habitable planets and the con-
cept of planetary oxygenation time. Astrobiology 5, 415–438
(2005).

70. Slomp, C. P. & Van Cappellen, P. The global marine phosphorus
cycle: sensitivity to oceanic circulation. Biogeosciences 4,
155–171 (2007).

71. Hodgskiss, M. S. W. & Sperling, E. A. A prolonged, two-step oxy-
genation of Earth’s early atmosphere: support from confidence
intervals. Geology 50, 158–162 (2021).

72. Broecker, W. S. & Peng, T. Tracers in the sea (Lamont-Doherty
Geological Observatory, 1982).

73. Elser, J. J., Dobberfuhl, D. R., MacKay, N. A. & Schampel, J. H.
Organism size, life history, and N:P stoichiometry: toward a unified
view of cellular and ecosystem processes. BioScience 46,
674–684 (1996).

74. Planavsky, N. J. The elements of marine life. Nat. Geosci. 7,
855–856 (2014).

75. Blättler, C. L. et al. Constraints on ocean carbonate chemistry and
pCO2 in the Archaean and Palaeoproterozoic. Nat. Geosci. 10,
41–45 (2016).

Acknowledgements
We thank theGeological Survey ofWesternAustralia and Department of
Mines, IndustryRegulation andSafety for generouslyproviding samples.
C.L. acknowledges support from the NSFC (grants # 42130208 and
42425002). M.S.D. acknowledges support from the Forrest Research
Foundation, UWA School of Earth Sciences, the International Post-
doctoral Exchange Program of China, the China Postdoctoral Science
Foundation and Chengdu University of Technology. M.S.D. and A.Y.S.
acknowledge the Research Facility at the Centre for Microscopy, Char-
acterisation and Analysis and Microscopy Australia Node at The Uni-
versity of Western Australia, funded by the University, State and
Commonwealth Governments. F.O.O. thanks support from Khalifa Uni-
versity of Science and Technology (KUST grant FSU-2023-020/
8474000494) and its Polar Research Center. A.B. acknowledges sup-
port from the NSERC Discovery and Accelerator grants and the Petro-
leum Foundation of the American Chemical Society (grant #
624840ND2). B.J.W.M. is supported by UKRI (grant # EP/Y008790/1).
F.O.O. acknowledges support from Khalifa University of Science and
Technology (KUST grant # FSU-2023-020/8474000494).

Author contributions
M.S.D. and C.L. designed the research. M.S.D., Z.Z., H.G. and A.Y.S.
performed analyses. M.S.D., B.J.W.M. and L.J.A. performed modelling.
M.S.D., A.B., C.L., C.A.R. and F.P. provided samples. The paper was
written by M.S.D. with contributions from C.L., A.B., C.A.R., B.J.W.M.,
L.J.A., F.O.O. and M.H.

Competing interests
The authors declare no competing interests.

Additional information
Supplementary information The online version contains
supplementary material available at
https://doi.org/10.1038/s41467-025-64194-4.

Correspondence and requests for materials should be addressed to
Matthew S. Dodd or Chao Li.

Peer review information Nature Communications thanks Roger Bryant,
Miquela Ingalls and Peter Kraal for their contribution to the peer review
of this work. A peer review file is available.

Reprints and permissions information is available at
http://www.nature.com/reprints

Publisher’s note Springer Nature remains neutral with regard to jur-
isdictional claims in published maps and institutional affiliations.

Open Access This article is licensed under a Creative Commons
Attribution 4.0 International License, which permits use, sharing,
adaptation, distribution and reproduction in any medium or format, as
long as you give appropriate credit to the original author(s) and the
source, provide a link to the Creative Commons licence, and indicate if
changes were made. The images or other third party material in this
article are included in the article’s Creative Commons licence, unless
indicated otherwise in a credit line to the material. If material is not
included in the article’s Creative Commons licence and your intended
use is not permitted by statutory regulation or exceeds the permitted
use, you will need to obtain permission directly from the copyright
holder. To view a copy of this licence, visit http://creativecommons.org/
licenses/by/4.0/.

© The Author(s) 2025

Article https://doi.org/10.1038/s41467-025-64194-4

Nature Communications |         (2025) 16:9151 12

https://doi.org/10.1038/s41467-025-64194-4
http://www.nature.com/reprints
http://creativecommons.org/licenses/by/4.0/
http://creativecommons.org/licenses/by/4.0/
www.nature.com/naturecommunications

	Marine phosphorus and atmospheric oxygen were coupled during the Great Oxidation Event
	Results
	CAP data evaluation and discussion
	Phosphorus cycling during the Great Oxidation Event
	Biogeochemical modelling
	Summary

	Methods
	Total inorganic carbon (TIC) analysis
	Carbonate carbon- and oxygen-isotope analysis
	Carbonate-associated phosphate (CAP) analysis
	Biogeochemical modelling
	Calculation of proximal and distal ocean inorganic carbon isotope values
	Monte Carlo parameters

	Data availability
	Code availability
	References
	Acknowledgements
	Author contributions
	Competing interests
	Additional information




